
1. Introduction
Deformation of the Earth in response to forcing transitions from elastic to viscous is increasing with times-
cale and temperature. For example, on the short timescales relevant to forcing from seismic waves and tides 
(seconds to days), the deformational response of the mantle is essentially elastic. Meanwhile, the solid rocks 
in the mantle are also warm, weak, and deform viscously in response to forcing imposed on very long geo-
logic timescales (>106–109 years) by temperature gradients between the surface and the core-mantle bound-
ary. In contrast, the surface thermal boundary layer (or lithosphere) is cold, very stiff, and typically behaves 
like an elastic plate even on the long timescales relevant to mantle convection. However, lithospheric rocks 
are also capable of viscous flow where they are warmed and subject to forcing on long timescales (e.g., 
continental rifting, magmatism, lithospheric small-scale convection). On intermediate timescales (103–
106 years), both modes of deformation are relevant to the dynamics of mantle-lithosphere systems, and 
such processes are fundamentally viscoelastic (e.g., subduction zone dynamics, glacial isostatic adjustment, 
flexure, isostasy, orogeny, and tectonics). Since such processes collectively are the manifestation of plate 
tectonics, it is essential to improve and expand our understanding of viscoelastic rheology in the mantle 
and lithosphere. In particular, the volcanic Island of Hawaii has been steadily built over the past ∼1 Myr 
and acts as a surface load which induces viscoelastic deformation and flexure. Observations of this deforma-
tional response to loading offer a unique opportunity to constrain the rheology of the intraplate lithosphere 
at the Island of Hawaii.

The elastic properties of the crust and mantle lithosphere have been estimated by surface wave seismic to-
mography (e.g., Ritzwoller et al., 2004), and mineral physics experiments (e.g., Christensen, 1966) in terms 
of the shear modulus, μ = 3 × 1010–7 ×  1010 Pa. Mineral physics experiments also show that the lithosphere 
deforms permanently under three distinct mechanisms: (i) brittle failure also known as frictional sliding 
at low pressures and temperatures (<∼400°C), (ii) low-temperature plasticity also known as dislocation 
glide or Peierls creep at intermediate pressures and temperatures (∼400–800°C), and (iii) high-temperature 
creep also known as dislocation and/or diffusion creep at high pressures and temperatures (>∼800°C). Of 

Abstract Flexure occurs on intermediate geologic timescales (∼1 Myr) due to volcanic-island 
building at the Island of Hawaii, and the deformational response of the lithosphere is simultaneously 
elastic, plastic, and ductile. At shallow depths and low temperatures, elastic deformation transitions to 
frictional failure on faults where stresses exceed a threshold value, and this complex rheology controls 
the rate of deformation manifested by earthquakes. In this study, we estimate the seismic strain rate 
based on earthquakes recorded between 1960 and 2019 at Hawaii, and the estimated strain rate with 
10−18–10−15 s−1 in magnitude exhibits a local minimum or neutral bending plane at 15 km depth within 
the lithosphere. In comparison, flexure and internal deformation of the lithosphere are modeled in 3D 
viscoelastic loading models where deformation at shallow depths is accommodated by frictional sliding on 
faults and limited by the frictional coefficient (μf), and at larger depths by low-temperature plasticity and 
high-temperature creep. Observations of flexure and the seismic strain rate are best-reproduced by models 
with μf = 0.3 ± 0.1 and modified laboratory-derived low-temperature plasticity. Results also suggest strong 
lateral variations in the frictional strength of faults beneath Hawaii. Our models predict a radial pattern 
of compressive stress axes relative to central Hawaii consistent with observations of earthquake pressure 
(P) axes. We demonstrate that the dip angle of this radial axis is essential to discerning a change in the 
curvature of flexure, and therefore has implications for constraining lateral variations in lithospheric 
strength.
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the three, high-temperature creep is generally well-understood thanks to laboratory experiments (Hirth & 
Kohlstedt, 2003), post-seismic deformation studies (Freed et al., 2010; Hu & Wang, 2012), and glacial iso-
static adjustment (Mitrovica & Forte, 1997). However, low-temperature plasticity and frictional sliding are 
less established in comparison.

For example, a long history of mineral physics studies report different parameter values and strengths of 
low-temperature plasticity at lithospheric conditions (e.g., Goetze & Evans, 1979; Idrissi et al., 2016; Katay-
ama & Karato, 2008; Mei et al., 2010; Raterron et al., 2004), and although recent progress in understanding 
grainsize- and length-scale-dependence has helped to reconcile these differences (Kumamoto et al., 2017), 
the laboratory flow laws still overestimate the effective elastic thickness of oceanic lithosphere by a factor of 
∼2 (Bellas et al., 2020). In addition, low-temperature plasticity may be so strongly sensitive to strain-induced 
back-stress in the lattice structure that it is completely phased out after 2% strain accumulation occurs in 
lithospheric materials (Hansen et al., 2019). Finally, some studies show that dislocation-glide is not possi-
ble in rocks subjected to hydrous-alteration and serpentinization (Hansen et al., 2020), while others show 
evidence of distributed dislocation glide and frictional sliding in a complex deformation mechanism known 
as the semi-brittle regime (Chernak & Hirth, 2010). Collectively, these studies suggest that low-temperature 
plasticity is sensitive to composition and tectonic setting, leaving much to be learned about its control on 
lithospheric dynamics.

An equally complicated history is presented in the literature on frictional sliding. For example, laboratory 
studies estimate the frictional coefficient is largely insensitive to temperature and rock type but decreases 
with increasing normal stress, such that μf  =  0.85  for σn  <  200  MPa, μf  =  0.6 for σn  >  200  MPa (Byer-
lee, 1978), and μf = 0.5 for σn∼300 MPa (Boettcher et al., 2007). Such laboratory estimates are approximately 
consistent with in situ borehole measurements at shallow depths in continental intraplate settings which 
require μf∼0.6 (Zoback & Townend,  2001). However, geodynamic models of mantle convection require 
μf < 0.1 globally for plate tectonics to emerge (e.g., Moresi & Solomatov, 1998), consistent with observations 
of surface heat flow at mature plate margins which require μf<∼0.1 (England, 2018; Gao & Wang, 2014). 
Meanwhile, analysis of the dip angle of newly formed normal faults in the outer-rise region of subduction 
zones and at mid-ocean spreading ridges suggests μf < 0.3 (Craig, Copley, & Middleton, 2014; Thatcher & 
Hill, 1995), and analysis of transform faults, specifically fracture zones between offset oceanic spreading 
ridges, suggests μf < 0.1 (Behn et al., 2002). In plate interior settings like Hawaii, models of flexure and the 
depth distribution of seismicity suggest that μf ≥ 0.25 (Zhong & Watts, 2013). Fault strength may be sensi-
tive to chemical alteration [e.g., serpentinization may reduce the frictional strength to μf = 0.35 (Escartín 
et al., 1997)], and mechanical alteration (Collettini, 2011). Similar to low-temperature plasticity, frictional 
sliding appears sensitive to composition and tectonic setting.

That significant variations in μf exist between different tectonic settings is fundamental to the theory of 
plate tectonics, and it will be necessary to map the frictional strength of the lithosphere and identify the 
causes of variations to make progress in understanding deformation of the Earth under a unified theory. 
Recent studies support a first-order control of fault motion on the tectonic style of terrestrial bodies (e.g., 
Venus compared to Earth; Karato & Barbot, 2018), and classic observations in the Indian ocean lithosphere 
suggest that the tectonic style of Earth may be more complicated than “strong plates with weak boundaries” 
(Bull & Scrutton, 1990). The broad range of observations, processes and apparently different strengths in 
the frictional regime raise some important questions. For example: is the extrapolation of strength under 
laboratory conditions to lithospheric conditions viable? Are the apparent disagreements on the strength of 
faults due to differences in the methods used? Can such differences be reconciled by weakening processes? 
Can we discriminate between weakening by chemical and mechanical alteration, and would it explain the 
different tectonic styles of the solar system bodies? Finally, what is the nature of the frictional strength of 
the Hawaiian lithosphere, and how does it relate to other tectonic settings on Earth?

To contribute a response to such questions, we combine results from mineral physics experiments, field 
observations of the Hawaiian flexure system, and numerical modeling of load-induced lithospheric defor-
mation at Hawaii to place constraints on lithospheric rheology. We estimate the seismic strain rate from 
earthquakes recorded over 60  years at Hawaii (1960–2019) and use it as a new constraint on frictional 
sliding. We formulate 3D Cartesian viscoelastic loading models including deformation from frictional slid-
ing, low-temperature plasticity, and high-temperature creep to predict the deformational response of the 
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lithosphere to Hawaiian Island building. We compare numerical predictions of the principal stress axes to 
the seismically observed pressure (P) and tension (T) axes, discuss implications for a broken lithosphere as 
suggested by a recent seismic study (Klein, 2016), and compare with the observed flexure and the seismic 
strain rate to constrain the value of the frictional coefficient in Hawaiian lithosphere.

Observations of flexure and seismicity at Hawaii have been previously used in 3D viscoelastic loading mod-
els to constrain the rheology of frictional sliding and low-temperature plasticity (Bellas et al., 2020; Zhong 
& Watts, 2013). Here, we build on these studies by introducing the seismic strain rate, a new and more 
robust observational data set which will improve previous constraints on frictional sliding and low-tem-
perature plasticity. In particular, flexure of the lithosphere is predominantly controlled by frictional sliding 
and low-temperature plasticity, such that there is trade-off between them. In previous work, the trade-off 
was constrained to a subset of the possible combinations based on the depth of minimum seismicity (i.e., 
the neutral plane in the lithosphere). Many combinations of frictional sliding and low-temperature plas-
ticity reproduced flexure, but only a subset of models with μf = 0.25–0.7 also reproduced the depth of the 
neutral plane of minimum seismicity. However, seismicity does not account for the magnitude of seismic 
events which may significantly perturb the depth of the inferred neutral plane. The key advancement of the 
present study is to take the magnitude of seismic events into account by inferring the seismic strain rate 
and using it in combination with flexure to constrain both frictional sliding and low-temperature plastici-
ty more precisely. The seismic strain rate has been previously estimated for continental (England & Mol-
nar, 1997; Holt et al., 1995; Jackson & McKenzie, 1988; Masson et al., 2005), oceanic (Gordon, 2000; Wiens 
& Stein, 1983) and subducted lithospheres (Billen, 2020), but the present study represents the first to inves-
tigate an oceanic region with a large number of earthquakes and significant lithospheric deformation. In 
the following Section 2, we present observations of flexure and infer the seismic strain rate. In Section 3, we 
present the numerical viscoelastic loading model, and in Section 4, the model predictions and observations 
are compared to constrain the value of the frictional coefficient. A Discussion of the results and Conclusions 
are presented in Sections 5 and 6, respectively.

2. Observations of Flexure, Stress, and the Seismic Strain Rate
We use three different observations at Hawaii to constrain lithospheric rheology in this study: lithospheric 
flexure, seismically derived stress, and the seismic strain rate. The flexure is recorded by three seismic re-
flection profiles between Kauai, Oahu and Molokai which were collected by the R/V Conrad cruise C2308 
(Watts & ten Brink, 1989). We also use seismic reflection data from other seismic surveys around Hawaii 
(Shor & Pollard, 1964; Zucca et al., 1982). The surface of the Pacific crust is deflected by up to 5 km around 
Hawaii and is spread laterally over ∼200 km between the maximum depression and the outer-rise (Sec-
tion 4; Zhong & Watts, 2013). The observed flexure of the Pacific plate at Hawaii has been used previously 
in studies of elastic thickness (Watts & ten Brink, 1989; Wessel, 1993) and lithospheric rheology (Bellas 
et al., 2020; Zhong & Watts, 2013).

The second observation is the orientation of stresses at the Island of Hawaii based on seismic observations 
of the P and T axes, which approximate the directions of maximum compression and extension, respective-
ly. Klein (2016) demonstrates that many events below the neutral plane of the bending lithosphere produce 
radial P axes which point toward a stress center located between Mauna Kea and Mauna Loa (presented in 
detail later). A gap in seismicity indicates the neutral plane is located at 21 km below sea level (Klein, 2016), 
as does a transition from radial extensional stress at shallow depths <20 km to radial compression at depths 
>25 km relative to central Hawaii (Ross et al., 2007). Klein also argues that the lithosphere at Hawaii is 
broken based on (i) observations of a low seismicity zone with ∼30 km radius centered on Hawaii and (ii) 
comparison of radial P axes with principal stresses in a 2D cantilever beam model that is loaded at one end. 
Klein demonstrated good agreement between the observed radial P axes and stresses in a 2D cantilever 
beam that is loaded at one end, which indicated uniformly concave downward curvature in the Hawaiian 
lithosphere. In his study, that the lithosphere is broken refers to a proposed region of negligible flexural 
strength beneath central Hawaii which may explain why stresses in the Hawaiian lithosphere appeared 
similar to those in a cantilever beam loaded at one end. The “weak hole” has ∼30 km radius and persists 
through the seismogenic layer based on low seismicity and may also persist to even larger depths based on 
the inferred uniformly concave-downward curvature. However, the inferred curvature is dependent on the 
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2D cantilever beam model, and Klein acknowledges the need to compare 
the observed radial P axes with principal stresses from 3D models of flex-
ure which we present in Sections 4.2 and 5.2.

The third observational constraint used in this study is the seismic strain 
rate. Seismic events occurring over the past 60 years have been recorded 
in the ANSS catalog ComCat which is hosted by the USGS and compris-
es 18,669 location-magnitude data pairs in the Hawaiian region (Young 
et al., 1996, Table 1). We apply two corrections to the data before com-
puting the seismic strain rate associated with flexure of the lithosphere. 
First, we discard 13 large events with characteristic flank-displacement 
focal mechanisms: magnitude ≥5.0, thrust focal mechanism on a fault 
plane with shallow-dip, and hypocenter located in a known mobile volca-
no flank. Events of this nature may be associated with magma injection 
in the east-Kilauea rift zone which drives seaward motion of the south-
ern flank, or with slip on the decollement surface between the volcanic 
load and the pristine Pacific seafloor, such as the historic 1975 Kalapana 
mW = 7.7 event (Swanson et al., 1976). Second, the raw depth-location 
from the ANSS ComCat is measured relative to the local geoid, so we cor-
rect it for sea-level (5 km uniformly) and local deflection of the seafloor 
that best reproduces seismic reflection data (up to 5 km and spatially de-
pendent; Section 4.1). The residual depth represents distance to the upper 
surface of the flexed Pacific crust. Events with residual depth less than 
zero are located in the volcanic pile and discarded leaving 1880 corrected 
events (Table 1). The seismic strain rate estimated from the depth- and 
event-corrected data is therefore representative of the long-term litho-
spheric strain rate from flexure, barring a strong influence from the fol-
lowing sources of error.

We do not identify or remove smaller flank- or decollement-displacement 
events but this should not significantly impact the results because small 
magnitude events contribute very little to the seismic strain rate, and 

these events should be removed by the depth-correction. Only seismic events associated with earthquakes 
are considered, and volcanic eruptions are identified in ComCat, but we are not able to identify or remove 
events associated with deep magmatism. Finally, two potential caveats associated with computing seismic 
strain rate should be acknowledged: (i) deformation may occur aseismically, and (ii) seismic activity in 
the past 60 years may not be necessarily representative of the long-term average. Both of these potential 
caveats have been discussed thoroughly in previous studies and are generally regarded as routine and/or 
manageable (e.g., Masson et al., 2005). We cannot quantify the proportion of aseismic deformation as in 
previous studies (e.g., Masson et al., 2005) due to a lack of geodetic data to constrain the total (seismic and 
aseismic) strain rate for the oceanic setting of interest here. However, we compute a simplified estimate of 
total strain rate at Hawaii, and we can rule out significant contamination from aseismic deformation if the 
maximum seismic strain rate is approximately equal to this estimate. Based on 5 km of vertical deflection 
spread laterally over 200 km and accumulated over 1 Myr, the simplified estimate of strain rate at Hawaii 
  = 5 × 103 [m]/(200 × 103 [m] × 106 [year])∼8 × 10−16 s−1 (to be referenced later). The 1 Myr age estimate for 
Hawaii is based on rock-dating and terraced coral reefs which also suggest that the deflection has increased 
linearly at least over the last 500 kyr (Moore & Clague, 1992; Zhong & Watts, 2013). Finally, we suggest 
that a 60-year record of seismic activity is likely to represent the long-term average because the maximum 
magnitude of flexural earthquakes at Hawaii is relatively small (Table 1), which suggests relatively small 
recurrence timescales.

The seismic strain rate is given by (Kostrov, 1974; Masson et al., 2005)
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Magnitude 
type Number

Average 
magnitude

Max 
magnitude

Standard 
deviation

Raw data

Lm 17,605 2.8 6.1 0.32

Dm 778 3.1 4.9 0.58

Bm 262 4.4 5.8 0.42

Wm 19 5.5 7.7 0.71

Sm 5 5.4 6.1 0.41

All 18,669 2.9 7.7 0.39

After corrections

Lm 1,246 3.1 6.1 0.57

Dm 414 3.2 4.9 0.61

Bm 203 4.3 5.6 0.41

Wm 13 5.5 6.7 0.73

Sm 4 5.4 6.1 0.47

All 1,880 3.3 6.7 0.70

Note. The applied corrections include removing events associated with 
magmatism, magmatism induced flank displacements, slip on the 
detachment plane between the pristine Pacific crust and the volcanic 
pile, correcting depth to be measured relative to the local surface of the 
deflected lithosphere, and removing events within the volcanic pile.

Table 1 
Seismic Data Distribution
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which is equivalent to summing the moment of all events M0
(i) which occur in a volume V over a time period 

τ, scaled by 2 times the shear modulus μ. First, we show the results for volumes spanning the upper 25 km 
of the lithosphere, and 0.5° × 0.5° bins in latitude and longitude. The seismic strain rate ranges 10−20 s−1 
to 10−15 s−1 (Figure 1a), is maximal in south-eastern Hawaii, spans ∼400 km in width, ∼500 km in length, 
and reduces to zero beyond Oahu. When the areal bins are enlarged to 1.0° × 1.0° in latitude and longitude, 
the effect is to smooth the seismic strain rate pattern and reduce the magnitude (Figure 1b). The maximum 
seismic strain rate is in a good agreement with the back-of-the-envelope calculation for flexural strain rate 
mentioned prior (∼10−15 s−1), suggesting that seismic deformation is representative of lithospheric defor-
mation from flexure.

We compute the seismic strain rate as a function of depth considering events within a 250 km radius cen-
tered on Hawaii where the vast majority of events are located. The 1D vertical profile is first computed in 
discrete 5 km depth bins (Figure 1c), which ranges from 10−18 s−1 to 10−16 s−1 in magnitude, and the local 
minimum at 17.5 km depth constrains the depth of the neutral plane relative to the surface of the flexed 
lithosphere. Considering a depth-correction of 7–10 km is applied across the Island of Hawaii where the 
contribution to seismic strain rate is greatest, the neutral plane depth constrained by seismic strain rate 
relative to sea-level would be 24.5–27.5 km which is slightly deeper than the estimate based on a gap in seis-
micity (21 km; Klein, 2016), but consistent with the broader range across which seismic focal mechanisms 
change from radial extension above and radial compression below the neutral plane (20–25 km relative to 
sea-level; Ross et al., 2007). We emphasize the importance of measuring the neutral plane depth relative 
to the surface of the flexed plate, since measuring relative to sea-level will overestimate the neutral plane 
depth by neglecting spatial variations in flexure. In addition, the minimum in seismic strain rate is a more 
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Figure 1. The seismic strain rate. The seismic strain rate in map-view at the Hawaiian Islands based on seismic data 
recorded over 60 years (1960–2019), in the upper 25 km and in areal bins 0.5° × 0.5° (a), and 1.0° × 1.0° (b) in latitude 
and longitude. Superposed squares in (b) represent earthquakes with magnitude ≥4.0. The 1D vertical profile of seismic 
strain rate is averaged horizontally within a 250 km radius centered on Hawaii, and (c) vertically in discrete 5 km bins, 
or (d) in 10 km vertical moving windows. The depth of the neutral plane where minimal deformation occurs is located 
at 17.5 and 15.0 km below the flexed lithospheric surface in (c and d), respectively.
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robust constraint on neutral plane depth than a gap in seismicity which does not consider earthquake size. 
The seismic strain rate reduces dramatically below ∼35 km depth and this should not be interpreted as the 
base of the mechanical lithosphere, but rather as the depth at which brittle failure transitions to ductile 
deformation due to increasing temperature and pressure (i.e., seismogenic thickness and mechanical thick-
ness are not equivalent).

To reduce sensitivity to error in the earthquake depth-location, we also compute a 10 km vertical moving 
window average which shallows the depth of the neutral plane from 17.5 to 15 km (Figure 1d). Events 
which occur beneath Hawaii and the seismic receiver network typically have small uncertainty associated 
with the depth-location (<5 km), but events outside the array in map-view may have significantly larger 
uncertainty. This should not strongly affect our results because the vast majority of events occur beneath 
Hawaii, but we test the sensitivity of the seismic strain rate to the horizontal region, nonetheless. If we 
reduce the horizontal radius from 250 to 150 km the seismic strain rate is translated to larger magnitude 
by ∼ half order of magnitude, and the depth of the neutral plane is maintained at 15 km (Figure S1a). The 
same is true for horizontal averaging radii of 100 km (Figure S1b) and 50 km. The benefit of averaging over 
a larger areal extent is that larger regions are more likely to be representative of the long-term average strain 
rate, whereas smaller regions are more likely to have a moment deficit or excess due to the smaller number 
of events that occur in smaller regions. Results are also quite insensitive to the vertical averaging window 
for 5–15 km widths (Figure S2).

Longer observation periods have similar benefits to considering larger regions, where longer timescales 
which exceed the recurrence timescale of the largest events are ideal. However, there is also a drawback 
to using older data from the twentieth century when observational methods were less advanced. To test 
the sensitivity of the seismic strain rate to observation period, we also compute the 1D vertical profile for 
earthquakes recorded over a 20-year period from 2000 to 2019 and compare with the estimates for the 60-
year period presented so far. For 10 and 15 km vertical moving window average, the average magnitude 
of 10−17 s−1 is reproduced and the depth of the neutral plane is slightly increased from 15  to 20 km and 
17.5 km, respectively (Figure S3). Variation in the neutral plane depth may reflect a moment deficit in the 
reduced time window, and we will consider a range about the neutral plane to accommodate for uncertainty 
when comparing with model predictions.

3. Viscoelastic Loading Model
In the following, we present the viscoelastic loading model which computes the surface flexure and internal 
deformation of the lithosphere in response to time-dependent loading from volcanic island building. The 
model has been developed and used in previous studies (Bellas et al., 2020; Zhong et al., 2003; Zhong & 
Watts, 2013), but we describe all essential aspects in the following and in the supporting information.

3.1. Governing Equations

The response of an incompressible viscoelastic medium is expressed by conservation of mass and momen-
tum (Wu, 1992; Zhong & Watts, 2013)

, 0,i iu (2)

   , 3 ,
0,ij j i

gu (3)

where ui is the displacement vector, σij is the stress tensor, ρ the density, g the acceleration due to gravity, 
and u3 the vertical component of the displacement vector. We use subscript notation where A,i represents 
the derivative with respect to xi, and repeated indices are summed over. The boundary conditions at the 
four vertical sidewalls and bottom boundary are free-slip, and the top boundary is a deformable free surface 
subject to time-dependent loads (i.e., the Hawaiian volcanoes)

   , , ,ij j L in x y t n (4)
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where ni is the unit vector normal to the upper surface (Figure 2a).

The loads are based on observations of topography and bathymetry at the Hawaiian Islands (Figure 2b) 
corrected for thermal isostasy, swell topography, and crustal thickness variations (Figure 2c). The result is 
the residual topography (Figure 2c) or the static load which is applied in four distinct stages for each of the 
loading regions (see Figure 2c). The timing of each loading stage is informed by the ages of volcanic rocks 
and submerged coral reefs (details are presented in Table S1; also refer to Figure 3 in Zhong & Watts, 2013). 
The deformable free surface is also subject to dynamic loads from volcanic, sediment, or water infill as the 
surface deflects (refer to Table 2 for associated densities).

The model geometry is a 3-D Cartesian box with dimensions of 1,479 km in x (east-west), 1,668 km in y 
(north-south), and 500  km in z (depth) (Figure  2a). The horizontal domain is consistent with a region 
ranging θ = 12.5–27.5°N and ϕ = 165–150°W, based on x = R(ϕ−ϕ1)cosθ2π/180, y = R(θ−θ1)π/180, where 
ϕ1 = 165°W, θ1 = 12.5°N and θ2 = 27.5°N. The grid resolution is 128 ×  128 ×  32 elements in the horizontal 
(x), horizontal (y), and vertical (z) dimensions, respectively. Significant grid refinement is applied in the 
upper 50 km where elements are 2.5 km in the vertical dimension, and moderate horizontal grid refine-
ment around the domain center where the Hawaiian Islands are located is applied such that elements are 
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Figure 2. Model schematic, observations of bathymetry, topography, and time-dependent loads (adapted from Bellas 
et al., 2020). (a) A schematic of the 3D viscoelastic loading model with deformable free surface that is subject to 
time-dependent loads from Hawaiian Island building. (b) Topography and bathymetry of the Hawaiian Islands and 
surrounding region. Black circles mark the locations of seismic reflection data which precisely measure flexure. (c) 
The residual topography derived from correcting the topography and bathymetry in (b) for thermal isostasy, swell 
topography, and crustal thickness variations. The residual topography represents the load associated with the Hawaiian 
Islands. The load is divided into four discrete loading regions and applied sequentially. The load in each region is 
linearly increased over loading periods listed in Table S1.
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∼10 × 10 km2. The grid is Lagrangian which is important for the con-
vergence of the governing equations of viscoelastic deformation (i.e., the 
elastic force component is proportional to displacement).

3.2. Rheological Equations

For an incompressible Maxwellian medium, the stress tensor is given by 
(e.g., Zhong & Watts, 2013)

    
 

 
     

 
  2 ,ij ij ij ijp p  (5)

where  is the viscosity,  the shear modulus, P the pressure, and ij the 
strain rate tensor. The time-derivatives of stress and pressure in Equa-
tion 5 distinguish it from purely viscous rheology. The elastic properties 
are uniform throughout the domain (constant  = 7 × 1010 Pa; Table 2) 
but the viscosity is defined by one of the three deformation mechanisms 
depending on local temperature and stress. The rheology of high-tem-
perature creep, low-temperature plasticity, and frictional sliding are for-
mulated in terms of strain rate or yield stress following the experimen-
tal studies, and converted to viscosity in the viscoelastic loading model 
following   /   (Table 2; Supporting Information). A maximum and 
minimum viscosity of 1027 Pa s and 1021 Pa s are imposed for computa-
tional efficiency, respectively.

Wherever temperature exceeds a threshold value, viscosity is defined 
by high-temperature creep in a composite form including diffusion and 
dislocation creep, although we neglect the effects of dynamic grain-size 
evolution in the present study (e.g., Podolefsky et al., 2004)

       
     

 
 1 1 expn n c c

T
m

E EA
RT RT

 (6)

where ϵ̇ is the second invariant of the strain rate tensor, σ is the second 
invariant of the deviatoric stress tensor, A is a pre-factor, n is the stress ex-
ponent, σT is the transition stress at which diffusion and dislocation creep 
contribute equal strain rate, Ec is the creep activation energy, and Tm is 
the mantle temperature (Table 2). The viscosity based on Equation 6 is de-
rived in supporting information and presented in Table 2. The threshold 
or activation temperature is important because high-temperature creep is 
limited by diffusional processes and therefore fundamentally limited by 
thermal activation. In any case, Zhong and Watts  (2013) demonstrated 
that the amplitude of flexure is largely insensitive to high-temperature 
creep for reasonable asthenospheric viscosity (1020–1022  Pa s) because 
it predominantly controls the timescale of stress relaxation in the weak 
underlying mantle, not lithospheric stresses which support the loads. 

For this reason, we do not vary rheological parameters associated with high-temperature creep and use 
E = 360 kJ/mol for all models to be consistent with field-based studies on sub-lithospheric small-scale con-
vection (van Hunen et al., 2005), and set the threshold activation temperature T = 800°C.

Wherever temperature is less than the threshold value (800°C), viscosity is defined by the smaller of those 
predicted by frictional sliding and low-temperature plasticity. In this sense, no threshold temperature for 
the transition between low-temperature plasticity and frictional sliding is imposed, rather, the transition 
is determined dynamically in the model. Low-temperature plasticity takes an exponential form (Goetze & 
Evans, 1979; Idrissi et al., 2016)
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Parameter Value

Shear modulus,  7 × 1010 Pa

Gravitational acceleration, g 9.8 m/s2

Gas constant, R 8.32 J/(mol K)

Mantle density, ρm 3,330 kg/m3

Volcanic and/or crustal density, ρc 2,800 kg/m3

Sediment density, ρs 2,300 kg/m3

Water density, ρw 1,030 kg/m3

Mantle Temperature, mT 1,350°C

High-temperature creep (Podolefsky et al., 2004)

 


 


 
    

 
0

1
exp

1 /
c c

n
mT

E E
RT RT

Stress exponent, n 3.5

Activation energy, cE 360 kJ/mol

Transition stress, T 3 × 105 Pa

Reference viscosity, 0 1020 Pa s

Low-temperature plasticity (Idrissi et al., 2016)

  


                


exp 1

qp
p

P

E
B RT

Pre-exponential factor, B 106 s−1

*Activation energy, pE 566 kJ/mol

Peierls stress, P 3.8 GPa

Stress exponent, m 0

Stress exponent, p 1/2

Stress exponent, q 2

Frictional sliding (Byerlee, 1978)

  
  

 
yield f n

 

*Frictional coefficient,  f 0.7

Note. The parameters marked with * are varied in the model to test their 
influence on flexure and the distribution of stress and strain (Table 3).

Table 2 
Model Parameters
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in which B is the pre-factor, m the stress exponent, Ep is the plastic activation energy, R the universal gas 
constant, T the temperature, σp the Peierls stress or resistance to dislocation glide, and the exponents p and q 
control sensitivity to stress (Tables 2 and 3). The viscosity predicted by low-temperature plasticity is formu-
lated in terms of stress (Table 2) which is solved dynamically on each time step.

Finally, the yield stress of frictional sliding increases with depth following Byerlee's law according to exper-
iments (Byerlee, 1978)

  yield f n (8)

Since we do not explicitly consider the effects of pore-pressure, μf throughout this study is the effective 
frictional coefficient.

We will vary the value of the frictional coefficient to test which value best reproduces observations of flexure 
and the seismic strain rate. As was mentioned in the Introduction, previous studies have shown that the 
flexure is predominantly controlled by the strength of low-temperature plasticity, but there is some trade-off 
with frictional sliding. In addition to the frictional coefficient, we will also vary the strength of low-temper-
ature plasticity based on the requirement that the observed flexure is reproduced to within a misfit of ∼0.3, 
which is the minimum misfit this type of modeling can produce (Bellas et al., 2020; Zhong & Watts, 2013). 
Since flexure is predominantly controlled by low-temperature plasticity, we expect that only small varia-
tions in the yield stress of low-temperature plasticity will be required to balance more significant variations 
in the frictional coefficient. Within this set of models, significant variations in the frictional coefficient are 
expected to produce significant variations in the distribution of stress and strain at shallow depths. In other 
words, many combinations of frictional sliding and low-temperature plasticity will reproduce the observed 
flexure, but only a few of these will also reproduce the seismic strain rate where the model strain rate at 
shallows depths is controlled by frictional sliding. In general, the effective elastic thickness of the model 
lithosphere is constrained by observations to be ∼30  km. The effect of varying the frictional coefficient 
between models will be to perturb the distribution of strength in the lithosphere (but not the net strength), 
which will then be compared with the seismic strain rate. We acknowledge that uniformly varying the 
frictional coefficient does not account for strain localization on fault planes in the real Earth (e.g., Wolfe 
et al., 2003) or strain softening (Huismans & Beaumont, 2003; Meyer et al., 2017; Naliboff et al., 2020). Our 
objective is to estimate the averaged and smoothed value of the frictional coefficient based on a comparison 
of the strain rate in numerical models and the seismic strain rate, both of which act to smooth and average 
lithospheric deformation. Future studies will be necessary to explore the effects of spatial variations in μf, 
including dynamic strain softening, but this is beyond the scope of the present work.

We choose to modify the strength of low-temperature plasticity by modifying the activation energy, Ep. 
Previous studies have reproduced observations of flexure by modifying Ep or the pre-factor, A, with equal 
success (Bellas et al., 2020; Zhong & Watts, 2013). Although modifying a single parameter value destroys 
the fit to laboratory data, it is not necessarily clear that the rheological parameter values which apply at 
laboratory conditions (e.g., strain rate ∼10−6 s−1) also apply at lithospheric conditions (e.g., strain rate ∼10−16 
s−1). Nonetheless, it has been proposed that a more sophisticated multivariate approach which preserves 
the fit to laboratory or field data while also reproducing flexure at lithospheric conditions is preferred (Jain 
et al., 2017; Reuber et al., 2020). While it is beyond the scope of the present study to perform a multivariate 
approach to modifying laboratory-derived flow laws, the reduction in strength required to reproduce obser-
vations of flexure is identical regardless of whether one or many variables are varied in the laboratory-de-
rived flow law. Therefore, it is our objective to offer insight into the distribution of strength that reproduces 
observations rather than an absolute constraint on the value of any particular rheological parameter in the 
formulation of low-temperature plasticity. In contrast, the yield stress of frictional sliding is controlled by 
a single parameter, μf, so that no such ambiguity applies and the value of μf may be constrained uniquely.
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We must also address that other studies have suggested lab-derived 
low-temperature plasticity is perfectly consistent with Earth's litho-
sphere, and rather does not reproduce observations of flexure at Hawaii 
because thermal erosion by the Hawaiian plume significantly weakens 
the Hawaiian lithosphere by modifying the ∼90 Myr thermal structure 
(Guest et al., 2020; Hunter & Watts, 2016; Pleus et al., 2020). This would 
cause viscoelastic loading models to overestimate lithospheric strength 
and underestimate flexure if they do not account for the anomalous ther-
mal structure. However, this topic is controversial and other studies have 
also suggested the opposite view: that thermal modification does not sig-
nificantly alter the shallow part of the lithosphere based on seismic to-
mography (Laske et al., 2011), a lack of heat flux anomalies (von Herzen 
et al., 1989), thermal convection models (Ribe & Christensen, 1994), and 
plume-induced thermal anomalies in viscoelastic loading models (Bellas 
et al., 2020). The strongest argument against significant thermal modi-
fication to Hawaiian lithosphere is that the effective elastic thickness is 
not anomalous compared to other Pacific lithosphere of similar age (e.g., 
30–35 km) (Watts & Zhong, 2000). Therefore, our preferred view is that 
the thermal effects of the plume and magmatism must be highly localized 
compared to the large spatial scale of flexure (400 km wavelength). On 

this basis, we ignore thermal anomalies and apply the cooling half-space model to compute the temperature 
profile in the model lithosphere



 
  
 
 

0 Δ
2 s

zT T Terf
t

 (9)

where erf is the error function, z is depth, ts is the local age of the crust and κ is the thermal diffusivity. Since 
the governing equations of the model include conservation of mass and momentum but not energy, the 
thermal structure does not evolve dynamically except by deformation of the Lagrangian grid due to flexure. 
We do not expect the buoyancy field to evolve appreciably on the timescales associated with flexure at the 
Hawaiian Islands (<5 million years).

Since thermal erosion of the lithosphere may not impart significant weakening to the shallow part of the 
lithosphere nor affect flexure modeling results (Bellas et al., 2020), modification of lab-derived low-tem-
perature plasticity is required to reproduce observations of flexure at the Hawaiian Islands. The constraint 
which dictates the degree of weakening is the integrated strength of the model lithosphere which must 
reproduce the observed flexure when subjected to loading consistent with Hawaiian Island building. This 
is equivalent to predicting an effective elastic thickness of 30–35 km. The integrated strength is jointly con-
trolled by frictional sliding (μf), low-temperature plasticity (Ep) and the elastic strength (μ), but high-tem-
perature creep has a weak or negligible influence. Forward modeling provides a quantitative constraint on 
lithospheric rheology because μ is well-constrained, μf and Ep are jointly constrained with some trade-off by 
flexure, and μf and Ep are jointly constrained to a unique pair-value by the seismic strain rate.

4. Model Results
The viscoelastic loading models compute the deformational response of the lithosphere to the building his-
tory of Hawaiian Islands from west of Kauai to Hawaii. We analyze the model predictions for present-day 
and compare them with observations of flexure, seismic strain rate (Section 4.1) and the stress field from 
seismic observations (Section 4.2) to constrain μf and low-temperature plasticity.
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Case μf

Ep [kJ/
mol]

Misfit to 
flexure

Neutral plane 
depth [km]

Misfit to seismic 
strain rate

Model 1 0.7 400 0.293 15 1.4

Model 2 0.4 410 0.289 15 0.8

Model 3 0.15 445 0.296 25 2.6

Model 4 0.1 460 0.293 30 19.7

Model 5 0.2 430 0.289 20 1.7

Model 6 0.05 480 0.270 35 157.3

Model 7 0.6 400 0.289 15 1.3

Model 8 0.5 400 0.285 15 1.2

Model 9 0.3 420 0.291 20 0.8

Note. In low-temperature plasticity from Idrissi et al. (2016), the published 
value Ep = 566 kJ/mol.

Table 3 
Model Input Parameters and Output
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4.1. Constraints on the Frictional Coefficient

The locations of flexure data from seismic reflections are shown by circles (Figure 2b) and symbols (Fig-
ure 3a) and those flanking Oahu are also shown in in cross-section (Figure 3b). These observations are also 
presented in more detail in previous studies (Bellas et al., 2020; Zhong & Watts, 2013).

In Model 1, we set the frictional coefficient μf = 0.7 consistent with mineral physics experiments, and the 
plastic activation energy is reduced from 566 kJ/mol (Idrissi et al., 2016) to Ep = 400 kJ/mol to reproduce 
the flexure at Hawaii (Table 3). The predicted flexure is nearly 5 km at Hawaii and produces a misfit of ∼0.3 
with observed flexure, which is about the minimum misfit that this type of model can achieve (Table 3; 
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Figure 3. Predicted flexure, stress, viscosity, and strain rate. The surface flexure from Model 1 in map-view (a), and 
in cross-section compared to seismic observations (b). The size of symbols superposed on (a) represent the difference 
between predicted and observed flexure, with circles for underpredictions and triangles for overpredictions (magnitude 
shown in b). In the rows below, we show cross-sections along the transect marked AA′ of stress (σ), viscosity (η), and 
strain rate (  ) for Model 1 with μf = 0.7 (c–e), Model 2 with μf = 0.4 (f–h), and Model 3 with μf = 0.15 (i–k). Contours on 
panels (c–k) show the iso-lines on which stress is 100 MPa, viscosity is 1022 Pa s, and strain rate is 10−15 s−1.
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Figures 3a and 3b; Bellas et al., 2020; Zhong & Watts, 2013). Stresses are concentrated in the upper ∼35 km 
with a maximum value of ∼100 MPa (Figure 3c). Viscosity is uniformly large (1027 Pa s) in the upper 35 km, 
except where nonlinearity of the rheology produces weakening, such that directly beneath the load the 
high viscosity layer thins to 30 km thickness (Figure 3d). The maximum magnitude of viscosity (1027 Pa s) 
is caused by imposing an upper bound in the model; otherwise, the viscosity could be even higher (but with 
no physical effect, because such highly viscous material is already essentially elastic on the timescale of 
Hawaiian Island building). The strain rate is small and <10−18 s−1 in the upper ∼35 km, except for isolated 
shallow patches where it approaches 10−16 s−1 due to deformation by frictional sliding. Strain rate is largest 
(>10−16 s−1) directly beneath the load and at the base of the lithosphere due to viscous creep deformation 
(Figure 3e).

In Model 2, the frictional coefficient is μf = 0.4, and the plastic activation energy is set to Ep = 410 kJ/
mol. Model 2 reproduces the observations of flexure equally well (Table 3), but differs from Model 1 in 
that lithospheric stresses are concentrated at larger depths (5–40 km), shallow nonlinear-weakening of the 
viscosity is enhanced, and shallow zones of high strain rate within the lithosphere are increased in size 
and amplitude (10−15 s−1; Figures 3f–3h). These effects are magnified further in Model 3 with μf = 0.15 and 
Ep = 445 kJ/mol, which again reproduces the observed flexure equally well as Models 1 and 2 (Table 3), 
but lithospheric stresses are concentrated between 10 and 45 km depth (Figure 3i), nonlinear weakening 
significantly reduces viscosity in the upper 20 km within ∼200 km of the load (Figure 3j), and high strain 
rates (10−15 s−1) occur throughout this shallow weak region (Figure 3k). Additional models with different μf 
from 0.05 to 0.7 and activation energy, Ep, are also computed (Table 3). These models demonstrate that var-
iation of μf strongly affects the depth-distribution of stress and strain rate, and reduction of μf significantly 
weakens the shallow lithosphere.

The effect of μf on the vertical distributions of second invariants of stress and strain rate is demonstrated 
more clearly by the 1D vertical profiles averaged within a 250 km radius centered on Hawaii. Stresses ex-
hibit a local minimum (i.e., the neutral plane) at shallower depths for increasing μf (Figure 4a) but begin to 
overlap for μf ≥ 0.5. Strain rates reduce to a minimum value at the same depth as stresses (Figure 4b). The 
depth of the neutral plane increases from 17.5 km for μf = 0.7, to 35 km for μf = 0.05 (Table 3). Deepening of 
the neutral plane occurs because the shallow lithosphere is very weak for small μf, so the stresses required 
to support the load of the Hawaiian Islands must migrate to larger depths.

The magnitude of strain rate at the neutral plane depth is always much lower in the models compared to the 
seismic estimate (Figure 5), and this is not particularly surprising considering the models are formulated to 
consider forcing from surface loads and a homogeneous lithosphere, which neglects natural small-scale var-
iations in composition, temperature, loading, background stress, magmatism, error in earthquake depth-lo-
cation, etc., which may affect the observed seismic strain rate (McGovern,  2007; Pritchard et  al.,  2007). 
However, we do expect for model and seismic strain rate to agree where the strain rate magnitude is large 
(at the surface and 25–30 km depth).
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Figure 4. Vertical profiles of predicted second invariants of stress and strain rate. The 1D vertical stress (a) and strain 
rate (b) profiles from viscoelastic models averaged within a 250 km radius centered on Hawaii. The depth of the neutral 
plane is constrained by the minimum in either stress or strain rate, which increases with decreasing μf, but approaches 
18 km for μf ≥ 0.5. Depth represents depth relative to the surface of the flexed model lithosphere.
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Comparison of model predictions with the seismic strain rate provides a constraint on the magnitude of 
μf because it strongly influences the vertical distributions of stress and strain. The 1D vertical profiles of 
predicted and seismic strain rates do not agree for 0.05 ≤ μf < 0.2. The shallow model lithospheres are too 
weak, the shallow model strain rates are too high, and the model neutral planes are too deep, compared to 
the seismic estimate for μf < 0.2 (Figures 5a and 5b). However, for 0.2 ≤ μf ≤ 0.7, the model neutral plane 
depths are within ±5 km of that based on the seismic strain rate (Figures 5c–5g).

Although all of these models with 0.2 ≤ μf ≤ 0.7 reproduce the neutral plane depth from seismic strain rate, 
some reproduce the magnitude of seismic strain rate better than others. To test the agreement between 
model and the seismic strain rates, we compute the χ2 misfit,
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where N is the number of depth bins for seismic strain rate (Figure 5), si is seismic strain rate at each depth, 
Mi is model strain rate at each depth and std is the standard deviation. The χ2 misfit is calculated for depths 
≤30 km because the seismic strain rate significantly reduces below this depth. The misfit shows that the 
magnitude of the seismic strain rate is best reproduced by μf = 0.3–0.4, which provides a constraint on the 
preferred value of the effective frictional coefficient in the Hawaiian lithosphere (Figure 5h).

Next, we test whether this constraint is robust against different averaging techniques and misfit methods. If 
the areal extent is reduced from 250 km to 150 or 100 km, the neutral plane depth and misfit prefer models 
with μf = 0.2–0.4 (Figure S1). If the vertical averaging windows are changed from 10  to 5 km or 15 km, the 
preferred models have μf = 0.3 or μf = 0.3–0.4, respectively (Figure S2). If the observation period is reduced 
from 1960–2019 to 2000–2019, the seismic strain rate subject to either a 10 km or 15 km vertical moving 
window average is best reproduced by models with μf = 0.3–0.4 (Figures S3a and 3b), although the misfit 
seems to be affected by a moment deficit and high sensitivity to overestimates in these cases (see supporting 
information Discussion). If the misfit is formulated differently, the preferred model has μf = 0.3 for 5, 10, 
and 15 km vertical window averages (Figures S4a–4c). Therefore, the most robust constraint based on the 
neutral plane depth and misfit of seismic and model strain rates is μf = 0.3 ± 0.1, and this result is resilient 
against variations in areal extent, vertical averages, observation period for seismic data, and misfit formula.
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Figure 5. The strain rate, neutral plane depth, and misfit of seismic observations and predictions. (a–f) The 1D vertical strain rate profile from seismic 
observations (solid) and numerical models with varying frictional coefficient μf (dashed). Depth, z, represents depth within the lithosphere relative to the 
flexed crustal surface. Strain rates are averaged within a 250 km radius centered on Hawaii, averaged vertically within 10 km moving windows, and the gray bar 
depicts a factor of ∼3 variation about the minimum seismic strain rate. (g) The minimum seismic strain rate locates the neutral plane at ∼15 km depth which 
is reproduced only by models with μf ≥ 0.2. (h) The χ2 misfit for seismic strain rate is minimized for μf = 0.3–0.4 for depths 0–30 km the lithosphere, which 
constrains the value representative of the Hawaiian lithosphere.
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4.2. Load-Induced Lithospheric Stress

We present the principal stresses for our preferred Model 9 with μf = 0.3 and compare with seismic observa-
tions of P and T axes (Klein, 2016). As discussed in Section 2, Klein (2016) demonstrated that earthquakes 
deeper than the neutral plane (21 km below sea level) consistently produce P axes that point radially toward 
a stress center located in central Hawaii between Mauna Kea and Mauna Loa (Figure 6a). Tangential T 
axes are also observed below the neutral plane, but such observations are less robust than radial P axes. For 
Model 9, the predicted stress field below the neutral plane (20–40 km) is dominated by radial compression 
and tangential extension axes relative to the load-center in central Hawaii (Figure 6c). The predicted stress 
field above the neutral plane (0–20 km) is dominated by radial extension and tangential compression (Fig-
ure 6d) which is largely opposite to stresses below the neutral plane. Therefore, the predictions are generally 
consistent with first order observations of deep radial P axes and tangential T axes relative to a stress center 
between Mauna Kea and Mauna Loa.
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Figure 6. Observed P and T axes and predicted principal stresses. (a) Modified from Klein (2016), the observed 
pressure (P) and tension (T) axes with dip angle <45° and below the neutral plane. (b) Curvature or the second-
order derivative of the model surface deflection. Curvature that is concave down is negative in this coordinate frame 
and concave up is positive. (c and d) The predicted axes of maximum compressional (red), intermediate (black) and 
extensional (blue) stresses below (c) and above (d) the neutral plane for the best-fit Model 9 with μf = 0.3. The dip angle 
of (e) deep radial compression axes averaged below the neutral plane and (f) shallow radial extension axes averaged 
above the neutral plane with a contour to show the location at which the dip angle crosses 45°.
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In greater detail, radial extension and compression axes are dominantly horizontal at distances >50–100 km 
from the stress center to the northeast, southeast, and southwest, and the implied focal mechanism would 
be strike-slip (Figures 6c–6f). The dip angle exceeds 45° and the radial axes become dominantly vertical for 
distances <50–100 km around the stress center which would imply a transition from strike slip to normal 
faulting below, and reverse faulting above the neutral plane, respectively (Figures 6e and 6f). The location 
where dip angle exceeds 45° also coincides with the transition in surface curvature from concave down to 
concave up, a feature expected for the flexure of a coherent plate (Figure 6b). Asymmetry to the northwest 
due to loading from older Hawaiian Islands is reflected by stress axes which are dominantly vertical even for 
distances >50–100 km from the stress center, implying focal mechanisms along the island chain are normal 
and reverse below and above the neutral plane, respectively. Tangential axes are preserved and perpendicu-
lar to the island chain in the region to the northwest.

The predicted stress field is qualitatively consistent with observations of increasing dip angle of radial P axes 
approaching the stress center, but quantitatively inconsistent: the dip angles predicted by our model are 
significantly larger than those observed. How this disagreement should be interpreted is complicated by the 
fact that Klein discarded dominantly vertical P axes (dip angle >45°) on the basis that the radial component 
solution is not as reliable for such events (discussed in detail in Section 5.2).

5. Discussion
5.1. Coefficient of Friction

Constraints from the depth of the neutral bending plane and the misfit between seismic and model strain 
rates show the preferred value of the frictional coefficient μf = 0.3 ± 0.1. Previously, Zhong and Watts (2013) 
constrained μf ≥ 0.25 based on a similar comparison with the neutral plane depth from seismicity. There are 
two important distinctions to note between their work and the present study: (i) Zhong and Watts estimated 
the neutral plane depth based on seismicity rather than seismic strain rate, and (ii) Zhong and Watts com-
pared the depth distribution in models, which is measured relative to the surface of the bending lithosphere, 
to the depth of minimum seismicity, which is measured relative to sea-level. This discrepancy is corrected in 
the present study. We present a more robust and precise estimate of the frictional coefficient in the present 
study (∼0.3), which is consistent with Zhong and Watts (2013).

Observations of flexure and seismic strain rate constrain μf∼0.3 which is small compared to: estimates 
from mineral physics experiments which constrain μf = 0.5–0.85 (Boettcher et al., 2007; Byerlee, 1978), in 
situ borehole measurements of stress on intraplate continental faults which constrain μf = 0.6 (Zoback & 
Townend, 2001), and models of normal faults at subduction zones which constrain μf = 0.6–0.85 (Billen 
et  al.,  2007). Our estimate is approximately consistent with estimates based on the dip angles of newly 
formed normal faults at subduction zones which constrain μf < 0.3, but larger than μf < 0.1 as constrained 
by modeling earthquake focal mechanisms for active transform faults at fracture zones (Behn et al., 2002). 
Our estimate is at least a factor of 3 larger than μf required by surface heat flux at plate boundary interfaces 
μf < 0.1 (England, 2018; Gao & Wang, 2014) and by geodynamic models in which plate tectonics emerges 
(Moresi & Solomatov, 1998). This suggests plate interfaces are much weaker than plate interiors and may 
indicate that dynamic weakening by chemical and/or mechanical alteration (i.e., strain-softening) is essen-
tial to understanding the style and timescale of bending, subduction, and even the origin of plate tectonics.

To test our hypothesis of strong damage-induced weakening, we also compute the seismic strain rate as a 
function of radial distance from the center of seismic activity in the Hawaiian region. The seismic strain 
rate is averaged in concentric annuli centered on Hawaii and in the upper 20 km (Figure 7a). The seismic 
strain rate is larger than the strain rate from all models for 0–50 km radius, but smaller than all models at 
distances >300 km (Figure 7b). This suggests the effective frictional coefficient may be less than 0.05 at the 
load-center but significantly larger beyond 300 km distance, which is consistent with our localized weak-
ening hypothesis.

An intuitive explanation for localized weakening in the brittle regime seems to be that increased tempera-
tures due to magmatic intrusion weaken faults in this region. However, recent studies report that friction-
al sliding is unlike ductile deformation mechanisms which weaken with temperature, and that increased 
temperatures actually increase the effective strength of frictional sliding by increasing the areal contact of 
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faults (Molnar, 2020). Therefore, increased temperatures would not weaken the brittle regime, but could 
shallow the depth of the brittle-ductile transition to induce local weakening there and explain the region 
of low seismicity surrounding the stress center. This could also help to explain the dominantly horizontal 
P axes by imposing a local weak hole but would fail to explain the high seismic strain rate and apparent 
reduction in μf at central Hawaii (Figure 7).

A source of weakening that could explain all three observations (the low-seismicity zone, horizontal radial P 
axes and high seismic strain rate) is that damage occurs by deformation-induced weakening (i.e., strain sof-
tening). This could reduce the effective frictional coefficient beneath Hawaii and in other tectonic settings 
such as on the plate boundary interface. The microphysics of such damage, and the potential effects of ser-
pentinization and other hydrous and/or anhydrous reactions to cause such weakening are actively pursued 
by the mineral physics (e.g., Chernak & Hirth, 2010; Hansen et al., 2020) and mantle dynamics (Bercovici 
& Ricard, 2014) communities. We suggest a higher likelihood for mechanical or dynamic weakening effects 
at Hawaii, where mechanisms for chemical alteration by hydration and serpentinization are not as well-es-
tablished compared to subduction zones.

Apparent lateral variation in brittle strength may also be related to the differing yield stresses of nor-
mal, strike-slip and reverse faulting. It is not straightforward to consider the effects of different fault-type 
strengths (normal, strike-slip and reverse faulting) in 3D geometry, but we do not suspect this has a strong 
impact on our results because the differences in yield stress are small for small values of μf (e.g., μf = 0.3) 
which are preferred by our model results (Figure S5). The fault mechanism-insensitive formulation of brit-
tle yield stress (Equation  8) is approximately consistent with the yield stress of strike slip faults, which 
are stronger than normal faults but weaker than reverse faults (Figure S5). The different strengths of nor-
mal, strike-slip and reverse faults would imply weakening below the neutral plane approaching the stress 
center, due to a transition from strike-slip to normal faulting and could help explain apparent weakening 
approaching the stress center. Conversely, a transition from strike-slip to reverse faulting above the neutral 
plane would imply strengthening, opposite to the apparent weakening suggested by large seismic strain rate 
at shallow depths (Figure 7). It will be necessary to test spatially ssvarying frictional coefficient and fault 
mechanism-sensitive yield stress against observations at the Hawaiian Islands in future studies.

While it is possible that the maximum seismic strain rate is augmented by contamination from earthquakes 
associated with deep magmatism below Kilauea, the magnitude ( <10−15 s−1) is consistent with our simpli-
fied estimate of strain rate presented earlier and therefore likely represents flexural deformation. We also 
acknowledge that the reduction in seismic strain rate with distance from Hawaii could also be augmented 
by an incomplete seismic catalog where small and distant events may be undetected, but small undetected 
events would contribute very little to strain rate which is exponentially related to earthquake magnitude. 
Therefore, we suggest the strain rate as a function of radial distance shows strong evidence for weakening 
near Hawaii, and it will be necessary to test whether lateral variations in μf improve the fit to flexure, stress 
and seismic strain rate in future studies. Lateral variations may be formulated to arise dynamically in the 
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Figure 7. Radial distribution of strain rate. The strain rate is averaged in the upper 20 km in depth and horizontally 
within annuli centered on Hawaii (a). The steeper slope of seismic strain rate relative to model predictions may suggest 
the frictional coefficient of the Hawaiian lithosphere is spatially variable and reduces in response to active deformation 
at central Hawaii (b).
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model via strain softening criteria, where accumulated strain is tracked 
and used to prescribe time- and space-dependent reduction in μf.

5.2. Lithospheric Stress

Comparison of the principal stresses predicted in models with the ob-
served P and T axes in the Hawaiian lithosphere provides an additional 
constraint on lateral variations in strength. Whether a change in the sur-
face curvature occurs or not is controlled by the lateral strength distri-
bution of the lithosphere around the load. In particular, we expect for 
unbroken or coherent plates to exhibit a change in curvature approaching 
the load (i.e., from concave-down to concave-up), and localized weak-
ening beneath the load would act to reduce the radial distance at which 
a change in curvature occurs, in contrast to broken plates which would 
have uniformly concave-down curvature. The change in curvature (or 
lack thereof) controls the orientation of principal stresses and compar-
ison with observations of P and T axes constrains the lateral strength 
distribution of the lithosphere. In the following, we first review the 2D 
model of principal stresses that in part led Klein to conclude the litho-
sphere is broken and compare with new 3D predictions. Second, we dis-
cuss whether the 3D results support an effectively broken lithosphere at 
Hawaii (i.e., no change in curvature).

Klein compared observations of P and T axes with principal stresses 
predicted by a 2D model of elastic bending. The principal stresses from 
a 2D model of elastic bending are shown in Figure 8a, which for con-
cave-downward curvature predicts: (i) above the neutral plane, radial ex-
tension (T) axes and (ii) below the neutral plane, radial compression (P) 
axes (i.e., they point toward the load). For concave upward curvature, the 
predicted stresses in 2D are opposite (radial compression (P) axes above, 
and radial extension (T) axes below the neutral plane). Compression and 
extension axes are swapped across a change in curvature because the 2D 
model is unable to account for the observed tangential orientation of 
deep T axes (only the radial and vertical dimensions exist), instead pre-
dicting vertical T axes. When the tangential dimension is included in our 
3D models, the principal stresses and effects across a change curvature 
are different. In 3D, deep radial compression (P) axes rotate from dom-
inantly horizontal to dominantly vertical as curvature transitions from 
concave-down to concave-up, and the extension (T) axis is tangential 
and constant (Figure 8b). Therefore, a key difference between the 2D and 
3D predictions is that the former predicts a swap of P and T axes occurs 
across a change in curvature, while the latter predicts that the only varia-
tion is in the dip angle of the radial axis. This is significant to interpreting 
observations at Hawaii, because the more complete 3D models suggest 
that we should seek radial P axes with a dip angle that exceeds 45° as evi-
dence of a change in curvature and a coherent Hawaiian lithosphere, and 
not a transition to radial T axes as suggested by 2D models.

We have shown the dip angles of deep radial P axes are essential to deter-
mining whether the lithosphere undergoes a change in curvature but, un-

fortunately, dominantly vertical P axes were previously discarded due to increased uncertainty in azimuth 
(Klein, 2016). As a result, the available data set artificially excludes dip angles exceeding 45°, and whether 
or where a change in curvature occurs is unknown. If we presume that the discarded events are in fact 
negligible, then the dominantly horizontal and radial P axis solutions are observationally consistent with 
no change in the sign of curvature based on the 2D model used previously as well as the new 3D results. 
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Figure 8. Principal stresses across a change in curvature for 2D and 3D 
geometry. Principal stresses are shown in a cross-section of the bending 
plate, where the horizontal dimension is radial relative to the load, and the 
dimension into or out of the page is tangential. (a) Predictions based on a 
2D model are confined to the plane of the page and thus cannot reproduce 
any stress components tangential to the load. In addition, the 2D model 
predicts that deep radial compression transitions to deep radial extension 
across a change in curvature. (b) In contrast, 3D models predict that 
deep radial compression transitions to deep vertical compression across a 
change in curvature, with no change to the extensional axis.
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That our preferred Model nine exhibits a change in curvature at 50–100 km radius suggests the nonlinear 
weakening in our models is insufficient to reproduce observations that are consistent with an effectively 
broken plate. A localized reduction in strength (e.g., μf) would be required to reduce the radius at which the 
change in curvature occurs to <30 km (the observed low-seismicity zone). On the other hand, if discarded 
dominantly vertical P axes are non-negligible, then reincorporating these events to the data set could show 
a change in curvature occurs, and the radius at which the change occurs could be used to further constrain 
lateral variations in strength in future studies.

6. Conclusions
We have compiled the first estimate of seismic strain rate in the lithosphere at the Hawaiian Islands based 
on 60  years of recorded seismic activity. The magnitude of the 1D vertical seismic strain rate profile is 
10−16 s−1 to 10−18 s−1 in the upper 35 km of the lithosphere and reduces to a local minimum at the neutral 
bending plane or ∼15 km depth. We compute the time-dependent response of the lithosphere to Hawaiian 
Island building in 3D viscoelastic loading models with nonlinear, laboratory-derived rheology including 
frictional sliding, low-temperature plasticity, and high-temperature creep. To fit observations of flexure and 
the seismic strain rate, our viscoelastic loading models indicate that the preferred value of the frictional 
coefficient at Hawaii is μf = 0.3 ± 0.1. However, the seismic and model strain rates also suggest that signifi-
cant lateral variations in μf may exist such that μf is reduced at the load-center where the stress is maximal, 
most likely due to the effects of dynamic weakening. This new constraint on frictional sliding also improves 
previous estimates of the degree of weakening required for laboratory-derived low-temperature plasticity 
to reproduce the observed flexure at the Hawaiian Islands. Low-temperature plasticity published by Idrissi 
et al. (2016) can be calibrated to lithospheric conditions by reducing the plastic activation energy from 566 
to 420 kJ/mol, which is a very modest reduction considering the ±74 kJ/mol uncertainty associated with 
this parameter value. Our study thus represents an essential test of whether extrapolating low-temperature 
plasticity and frictional sliding from laboratory conditions to lithospheric conditions is viable, and demon-
strates some modification is required.

The 3D principal stress field from models reproduces the observed radial pattern of P axes below the neutral 
plane, and tangential T axes. Our results overestimate the dip angle of deep radial P axes, but this disagree-
ment may be artificial because dominantly vertical P axes were previously discarded from the observational 
study (Klein, 2016). Our 3D models reveal that the dip angle of radial axes is central to understanding cur-
vature, lateral variations in strength and therefore whether the Hawaiian lithosphere is broken or coherent. 
We suggest the discarded, dominantly vertical P axes should be reconsidered because they may hold the key 
to discerning whether the lithosphere exhibits a change in curvature. Finally, our study raises an important 
question on lithospheric deformation and the emergence of plate tectonics, that is, what physical mecha-
nisms and processes cause the effective coefficient of friction to reduce from stable plate interiors to active 
deformation zones either beneath the Hawaiian Islands or at active plate boundaries? For example, is strain 
softening sufficient to reproduce lateral variations in the seismic strain rate and the dip angle of P axes at 
the Island of Hawaii? This indicates an important topic to explore in future laboratory and modeling studies.
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